A number of different geodynamic models have been proposed to explain the early tectonic evolution of the Baltic Shield. To provide additional geophysical constraints on these models, we performed a teleseismic tomography traveltime inversion for the central part of the Baltic Shield. The SVEKALAPKO project is focused on the investigation of the lithosphereasthenosphere structure down to 400 km depth under central Fennoscandia (Baltic Shield). A total of 143 stations were deployed including 15 permanent stations from the Finnish seismic network. The temporal network was composed of 40 broad-band and 88 short-period instruments distributed in a rectangular array of 1000 km by 900 km from 1998 August to 1999 May. The results are based on a non-linear teleseismic tomography algorithm. They reveal significant P-velocity variations (up to 4 per cent) throughout the SVEKALAPKO array. The most prominent feature is a positive anomaly that can be followed down to 250 km depth beneath the centre of the array. We interpret this anomaly as the signature of the tectosphere (Jordan 1978) beneath the Fennoscandian Shield. It correlates spatially with an anomalous high-velocity lower crust. Other shallow (crustal) anomalies can be correlated with magmatic events surrounding this nucleus of high velocity. Comparison of images before and after correction by crustal structure proves that this methodology yields solid and coherent tomographic results. Further observations of relative P traveltime residuals from six teleseismic events with different azimuths show delay variations of ±2.0 s between stations located in the North German basin and stations on the Svecofennian Shield.
I N T RO D U C T I O N A N D T E C T O N I C S E T T I N G
The Fennoscandian region in the centre of the Baltic Shield resulted from a series of tectonic processes which involved several episodes of crustal accretion over 3.5 Ga (Gorbatschev & Bogdanova 1993) . During the Proterozoic, the Archean terranes underwent fragmentation, reworking and reassemblage with belts of newly formed material. Its main structural crustal features are fairly well defined by seismic, gravimetric and magnetic studies (Meissner & Wever 1986; Blundell et al. 1992; BABEL 1993; Korja et al. 1993) . This well-exposed, composite craton, cored by the Late Archaean granitegreenstone Karelian belt, and flanked to the northeast and southwest by Palaeoproterozoic orogens, is an ideal terrane for testing plate tectonic theory and understanding the contrasting signatures of Archaean and Proterozoic lithosphere. The Fennoscandian Shield is a key element in the reconstruction of the Laurussian megacontinent. The optimal conditions of the Baltic Shield for seismic measurements (absence of sedimentary cover, a small degree of reworking and existence of previous geophysical studies) has put this area into the framework of EUROPROBE investigations (Gee & Zeyen 1996) . The main tectonic feature beneath the SVEKALAPKO array is a tectonic suture between Proterozoic (2.1-2.3 Ga) and Archean blocks (2.6-3.1 Ga) (Fig. 1) . The early stages of crustal formation and subsequent coupling with the mantelic root, i.e. tectosphere formation (Jordan 1978) , are poorly known. Probing in detail the structure of the lithosphere-asthenosphere system and understanding its formation, the mechanical processes that have controlled its evolution and the active deformation remains a challenge.
One of the main targets of the SVEKALAPKO (SVEcofennianKArelian-LAPland-KOla) project is to investigate the deep structure of the lithosphere, and in particular the depth of the Figure 1 . Simplified geological map of the study area in the Fennoscandian Shield (Boyd et al. 1985) with station array location.
lithosphere-asthenosphere boundary (LAB) and any possible transition between the different tectonic units under the SVEKALAPKO area. The SVEKALAPKO seismic array consists of 143 seismic stations (88 short-period and 40 broad-band, including 15 permanent stations), along a 1000 km by 900 km array covering southern and central Finland, and part of Russian Karelia. The stations were operated from 1998 August to 1999 May (Raita 2001) . The spacing between short-period stations was 50 km and between broad-band stations 100 km (Fig. 1) .
Thermal studies indicate typical thicknesses of the lithosphere between 200 and 300 km for Archean and early Proterozoic realms (Artemieva & Mooney 2001) . In general, thick (>300 km) roots are found for the Baltic Shield, Siberian Platform, West Africa and possibly the Canadian Shield from thermal-based studies. The structure of the lithosphere under the Baltic Shield has been a major target for researchers over the last decades. Several geophysical methods have been used to investigate this. First attempts to determine the lithospheric seismic structure of the Baltic Shield were done based on dispersion of Rayleigh waves (Calcagnile & Panza 1978; Calcagnile 1982 Calcagnile , 1991 . Heterogeneous upper mantle down to a depth of 350 km was interpreted by the authors as the depth to which the bottom of the shield might extend. Sacks et al. (1979) used converted S phases at the base of the lithosphere and estimated a thickness of 250 km. Husebye & Hovland (1982) and Husebye et al. (1986) analysed the lithosphere-asthenosphere boundary in southern Sweden by inverting P-wave traveltime residuals. The results from this work indicated pronounced seismic anomalies down to 300 km. Bannister et al. (1991) estimated the sub-Moho velocities using a tomographic conjugate gradient inversion. Perchuc & Thybo (1996) proposed a seismic model for the Baltic Shield with a low-velocity layer between 100 and 160 km depth from long-range seismic profiles. Bondar & Ryaboy (1997) presented a 1-D average velocity model representative for the Baltic Shield down to 800 km from deep seismic sounding observations. In Fennoscandia the thickness of the lower crust accounts for most of the crustal thickness variation (Korja et al. 1993) . The top of the lower crust under the central part of the Fennoscandian Shield is defined as the depth at which the P-wave velocity reaches 7.0 km s −1 . The lower crust has its maximum thickness of 25 km in the same area where maximum crustal thicknesses have been modelled. The lower crust under the Baltic Shield has extraordinary geophysical characteristics similar to those that can be found in mantle rocks. Some authors, e.g. Korja et al. (1993) , suggest that this layer consists of a combination of mafic lower crust from the island arc crustal blocks and additions from a possible delamination of the post-collisional lithosphere. In these regions of thicker crust, velocities of P waves up to 7.85 km s −1 are observed just above the Moho interface. Sandoval et al. (2003) constructed a crustal model from Controlled Source Seismology data that contained these crustal features and assessed its contributions to teleseismic wave front distortion. This approach has the advantage that is independent of the subsequent inversion and uses the available a priori knowledge of the crustal structure to calculate crustal traveltime effects on teleseismic wave fronts.
DATA SET
Signals from 332 selected teleseismic events were extracted from the SVEKALAPKO database. Eighty-eight high-quality events were selected for the teleseismic tomography study, and the arrival times of suitable phases after applying a proper filter were picked visually by a waveform comparison procedure. Fig. 2 shows the event distribution. All seismograms were restituted to simulate a short-period WWSSN (World Wide Standardized Seismographic Network) sensor with a dominant frequency of 1 Hz (Oliver & Murphy 1971) .
For each selected earthquake, the earliest readable wavelet of P phase was first picked on a record of high signal-to-noise ratio (reference station). This waveform was copied and overlaid on the other records for visual correlation. This is to avoid cycle skipping (Evans & Achauer 1993) and to reduce problems associated with variations in the P waveform as it traverses the array. Theoretical traveltimes were calculated for each event and station according to the IASP91 traveltime model (Kennett & Engdahl 1991) and ellipticity corrections were applied. The relative traveltime residuals for each event were finally calculated by subtracting the associated mean for each event from the traveltime residuals. Because all rays to the array traverse the lower mantle essentially along the same path for each event the source and propagation path due to lower mantle effects are discarded from the data by removing the mean of the traveltime for each recorded event (Dueker et al. 1993; Evans & Achauer 1993) . This is based on the hypothesis that originally underlies the ACH method (Aki et al. 1977) , namely that the time residuals generated outside the given target volume are approximately constant across the seismic array. There is, therefore, a risk of leakage of deeper mantle velocity perturbations into our model (Masson & Trampert 1997 ).
M E T H O D O L O G Y
Heterogeneities along the ray path will cause seismic waves to be advanced or delayed with respect to a 1-D standard reference model at receiver locations. Teleseismic tomography involves backprojecting the arrival-time perturbations to estimate the size and magnitude of the velocity deviations within the heterogeneous volume.
Inasmuch as the data are a relative measure of arrival times, we estimate relative perturbations to an initial velocity model. In our case the inverse of the matrix kernel is calculated by singular value decomposition. Following Koch (1985) or Thomson & Gubbins (1982) the equivalent, non-linear system is solved iteratively.
Iterations stop when the model ceases to change significantly, which is usually achieved after a few iterations. In our case after three iterations the optimum solution is reached with most changes to the starting model occurring in the first iteration, and only minor changes on further iterations (Fig. 3 ). The iterative process should be stopped early enough, to avoid fitting noise. The noise level is determined by calculating the phase pick data variance (0.0096 s 2 ). We added to this value a conservative estimate (20 per cent) of the traveltime error variance introduced by the crustal model (0.0256 s 2 ) that will be used to correct the observed traveltime residuals (Sandoval et al. 2003) .
Inversion based on relative traveltime residuals does not produce absolute velocity, hence the resulting velocity structure only reflects deviations about some unknown average earth model. Although the forward calculation of the theoretical traveltimes is based on a known background model, the velocity perturbations cannot be considered relative to this background model, due to the nature of the relative traveltime residuals. If the target volume is large enough, the layeraverage velocities can be considered close to some commonly accepted 1-D background/reference model (Leveque & Masson 1999) which should be close to the correct regional structure. Moreover, we have included in our study absolute traveltimes to constrain the layerwise average P velocity at depth. In this study, the IASP91 traveltime model (Kennett & Engdahl 1991 ) was used as the initial reference model for the inversion.
M O D E L PA R A M E T R I Z AT I O N
The 3-D model was parametrized by subdividing the model space into cells with velocity values constant in each cell. The spacing between the cell centres, i.e. nodes, was selected after careful examination of the ray coverage (Fig. 4 ). This figure shows the dense (and largely homogeneous) distribution of rays throughout the inner part of the study volume. Most of the rays cross between a depth of 70 and 350 km. Therefore the resolution is expected to be highest in this depth range. The selected model parametrization has a constant grid spacing in the horizontal direction of 50 km and the grid spacing increases from 20 km at shallow depths to 50 km below 100 km (Fig. 5) . Additional layers at 810 km depth and at ±1500 km in the x-and y-directions (not shown in Fig. 5 ) were introduced for stability of the inversion. The results discussed in the following sections refer to the central part of the model space only. The grid size chosen provides a high and uniform resolution to delineate upper mantle velocity variations beneath the SVEKALAPKO array. The initial velocities of the nodes are taken from the IASP91 model (Kennett & Engdahl 1991) . Velocity was linearly interpolated between nodes for traveltime computations (Steck & Prothero 1991) . The station spacing (50 km, Fig. 1 ) is relatively large in relation to crustal structures, as is the lateral grid spacing in the inversion (50 × 50 km). Therefore teleseismic tomography cannot resolve near-surface structure (Sandoval et al. 2003) and we choose to a priori correct for 3-D crustal structure rather than including the shallow structure in the inversion.
An initial ray tracing through the 1-D reference model was performed to determine which nodes would be inverted. Nodes were left floating during the inversion if they were sampled by at least one ray. This yielded a total number of 4481 model parameters for the crustal corrected inversions and 4850 for the non-crustal corrected inversions. The number of rays used in the inversion was 5765.
R E S O L U T I O N A S S E S S M E N T
The reliability of any tomographic image depends on two factors: the spatial resolution of the image, and the standard error of the model parameters. A meaningful and reliable interpretation of tomographic results requires the use of different methods to assess resolution capabilities, e.g. hit matrix, derivative weighted sum, ray density tensor, resolution matrix and synthetic tests (Kissling 1988) including checkerboard sensitivity tests. Synthetic tests, in particular, can provide useful information about model parametrization, resolution capability of the actual data set and damping. Checkerboard or 'spike' tests are most commonly used (Zhao et al. 1992; Benz et al. 1996; Bijwaard et al. 1998; Zelt 1998 ) and provide important information to assess image blurring.
Hit matrix
The hit matrix is the most basic and crude approximation for assessing the resolution in any teleseismic study by the calculation of the number of rays that traverse a specific cell.
The hit matrix for the SVEKALAPKO data set is shown in Fig. 6 . The upper layers corresponding to the crust (0, 20, 40 and 70 km depth) have a large number of hits due to the convergence of the ray paths beneath the seismic stations. The apparent very high resolution of the crust is misleading, since all rays traversing these cells are subvertical and there is no cross coverage. There is a higher density of hits beneath the centre of the array and a drift of this higher hit density area to the northeast for the deeper layers. This is due to the predominance of events incoming from these azimuths.
From the results of Fig. 6 It is difficult to clearly assess the difference of resolution at intermediate and deep layers and the hit matrix appears to be an insufficient and potentially misleading element for the assessment of resolution. In this study, the hit matrix was used only as a base criterion to decide which nodes were left floating in the inversion. Cells with at least one hit were selected for inversion.
Derivative weighted sum (DWS)
The DWS (Thurber 1983; Eberhart-Phillips 1986 ) also takes into account the number of rays that sample each cell. The DWS considers the normalized length of each ray within the cell and an observational weight for that specific ray. For the SVEKALAPKO data set, the DWS (Fig. 7) values reach a maximum between 100 and 350 km depth. For the quality of a tomographic image regions of homogeneously high resolution are more important than individual cells of exceptional high-resolution values (Haslinger & Kissling 2001) . Notice the rather smooth variation of the DWS in the well resolved layers. Comparison of Figs 6 and 7 clearly demonstrates the improvement of the resolution assessment of DWS over the hit count matrix. Whereas the hit matrix overestimates resolution in the shallow and bottom layers, the DWS provides a more realistic evaluation. The most important limitation of DWS is its disregard of the ray directions. This information is exploited by the calculation of the ray density tensor.
Ray density tensor (RDT)
The RDT was first defined by Kissling (1988) to assess the ray distribution within an inversion block. It consists in the construction of a spatial tensor that defines the directional density of rays that cross each cell. By analysing the ratio of its three eigenvalues representing the x, y, and z directions one gets a qualitative measure of the ray distribution at each cell.
The eigenvalues and associated eigenvectors define an ellipsoid. If, for example, rays are distributed equally in all directions within the inversion cell all three eigenvalues are nearly equal (the ellipsoid becomes a sphere). The information extracted from the eigenvalues is their standard deviation (shape of the ellipsoid) and their mean value (size of the ellipsoid). This last parameter is basically the DWS.
Although the RDT has been developed for linear inverse methods, it represents a satisfying indicator of the spatial resolution in nonlinear tomography (Zollo et al. 2000) .
The advantages of the RDT are:
(1) Can be easily displayed together with the solution and thus allows judgment of the credibility of a result. It can be calculated prior to the inversion. In general all the above resolution methods resulted in similar resolution estimates. The resolution is maximum beneath the array between 70 and 350 km. This is the depth interval in which the inversion images are expected to yield the most accurate velocity estimates.
Sensitivity test
The last resolution test we performed prior to the inversion of the real data set was a sensitivity test. The main difference between sensitivity tests and synthetic tests is that in the former the same anomaly is placed throughout all the model space (Spakman et al. 1993) . This allows a direct comparison of the recovered anomalies in the different regions of the model space. Usually, sensitivity tests are carried out before synthetic tests and the real data inversion,. The aim of sensitivity tests is qualitative assessment of resolution throughout the region of study, whilst synthetic tests are designed to quantitatively assess resolution in specific situations and regions, for example by mimicking recovered anomalies (Haslinger et al. 1999) . In our case, we constructed a mantle structure comprising alternating positive and negative anomalies (white and black outlines in Fig. 8 ) with an extension of 100 × 100 × 100 km separated 50 km from each other. To analyse the amount of vertical leakage typical of this kind of experiment we left some depth levels without any anomaly (crust, 200 km, 350 km, 500 km, 550 km and 600 km depth levels). Traveltime residuals were computed using the same source and receiver locations as those of the SVEKALAPKO experiment (Figs 1 and 2 ). Gaussian-distributed noise (σ = 0.1 s) was added to the synthetic data set before it was inverted using the same parameters as for the real inversion.
The recovered anomalies (Fig. 8) are in good agreement with the input anomalies (white and black outlines) between depths of 100 and 450 km. A small amount of horizontal leakage exists but, as expected, it is smaller than the vertical leakage present at depths of 200 and 350 km. At 500 km depth, a strong downward leakage is observed to 600 km depth. At these depths the ray crossing is practically non-existent and the resolution is thus low (Figs 6 and 7).
3 -D U P P E R M A N T L E S T RU C T U R E
In the current work, the 3-D crustal model constructed by Sandoval et al. (2003) was used a priori in the inversion to correct the traveltime effect of the crust (upper 70 km of the model) with respect to the 1-D IASP91 model (Kennett & Engdahl 1991) . The results are shown before and after the crustal correction for comparison. In the crustal-corrected inversion the first three layers (representing the crust) were fixed during the inversion.
The inversion results (Figs 9, 10 and 11) show the velocity perturbations as variations relative to the IASP91 model. However, the true layer-average velocities remain unknown because we have used relative arrival-time residuals. The transition between areas of relatively low and relatively high velocity is depicted as white strips.
The teleseismic inversion without crustal corrections (Fig. 9 ) shows overall P-velocity anomalies ranging between ±2 per cent. The most remarkable feature is a positive anomaly in the centre of the study area between 70 km and 250 km depth. At 300 km it is still visible but with smaller amplitude, probably due to the vertical leakage. Strong negative anomalies around this positive nucleus at shallow levels (70 and 100 km depth) are likely to be produced by the thick crust and are probably projected downward. At these shallow levels a positive anomaly near the southern coast of Finland coincides with the Rapakivi granitoids (Fig. 1) . This result shows no evidence of the tectonic suture between the Archean and Proterozoic terranes (Fig. 1) .
The inversion results after correction for crustal contribution (Fig. 10) show a significant increase of clarity in the recovered anomalies, in particular regarding the size and amplitude of the positive nucleus. However, the depth extent of this anomaly is the same in both inversions. The shallowest level of 70 km is expected to show the largest differences between both inversions due to its proximity to the crust. The positive anomaly related to the granitic intrusion in southern Finland has largely disappeared after the crustal corrections supporting the crustal origin of this anomaly. The results also show no feature that could be related with the Archean-Proterozoic suture. The results in Fig. 11 show P-velocity variations of up to 4 per cent in the uppermost 200 km. The positive anomaly extending down to a depth of 300 km (white arrow) is located beneath the intersection point between the profile and the tectonic suture between the Karelian and Svecofennian terrains (Fig. 11a) extending 300 km in an approximate E-W direction A remarkable feature in this inversion result without crustal correction is the shallow negative anomalies (−2 per cent) extending down to 200 km depth (yellow arrows, Figs 11b, e). These strong anomalies are highly influenced by the crust, and particularly by the Moho topography. The result after applying crustal correction shows a significant reduction of the shallow negative anomalies. Therefore, these anomalies must be associated with crustal structure. The base of the positive anomaly is stronger and remains unaltered (white arrow) close to 300 km depth. This positive anomaly is especially strong at 250 km depth.
D I S C U S S I O N
The structure and evolution of the Baltic Shield lithosphere has been studied in detail using several geophysical methods. Guggisberg et al. (1991) tentatively proposed a depth of about 180-200 km for the LAB based on P-wave recordings of the long-range refraction seismic project FENNOLORA. Their model shows a reduction of 1.7 per cent in P-wave velocity in a thin low velocity layer (LVL) below this boundary (about 50 km thickness beneath central Sweden). According to the TOR results (Arlitt 1999; Shomali & Roberts 2002 ) the existence and depth of this upper boundary of a layer with reduced P-wave velocity is very questionable. No reduced P velocity was found in that study down to 300 km depth beneath this southwestern part the shield region. It is possible that velocity perturbations are smeared over this boundary and, therefore, the boundary is not resolved by our data. Large low-velocity zones in S-wave velocities are more reliably identified by an analysis of surface wave dispersion. Calcagnile (1991) derived a model with the top of a LVL at 210 km depth beneath the central Baltic Shield from dispersion of surface waves. Perchuc & Thybo (1996) and Thybo & Perchuc (1997) show a different result. These authors proposed the existence of a 40 km thick, 100 km deep LVL beneath a stratified mantle from the study of strong, scattered reflections beyond 8
• . This LVL is also found by Abramovitz et al. (2002) after inverting traveltime data (P and S) from the long-range deep seismic sounding experiment FENNOLORA. These features are interpreted by these authors as the presence of small amounts of partial melts or possibly free fluids, in the 100-150-km depth interval.
Toward the centre of the shield, the recovered anomaly contrasts in SVEKALAPKO are smaller in amplitude than those at the southern edge of the shield. The base of the positive anomaly at 300 km depth could represent the LAB. In this way, the lithosphere thickness would increase from southern Sweden (75 km) to the central part of the Fennoscandian Shield (∼300 km). However, preliminary results from dispersion of Rayleigh waves from SVEKALAPKO data show no evidence of a clear seismic asthenosphere beneath the Fennoscandian Shield (Bruneton et al. 2002; Funke & Friederich 2002) .
In the TOR experiment, and following the same methodology as in this work, Arlitt (1999) derived an upper mantle model than spanned across the Tornquist Zone and extended to the southern rim of the Baltic Shield. The results suggest the existence of very thick (>200 km) continental lithosphere of the Baltic Shield with no indication of an asthenosphere. However, despite the similarities of the method used to derive the SVEKALAPKO and TOR results there are many factors that do not permit a direct correlation between the obtained mantle models. The methodology applied in both cases permits a rather precise determination of relative lateral velocity variations in the upper mantle relative to unknown background velocity models, and they cannot be converted directly into absolute seismic velocities for comparison with other regions. Moreover, differences in resolution, parametrization and damping make this correlation even more complex. To (partially) overcome these difficulties a comparison between traveltimes from a common event recorded at both arrays would help. In this way differences between the residuals at each array would constrain the regional variation of velocities. Unfortunately, the SVEKALAPKO and TOR experiments were carried out with a difference of 1 yr, and for this reason databases do not overlap. Nevertheless, we selected six additional events (Table 1) with different azimuths from the TOR database and compared the residuals with those from five stations of the Finnish permanent network (also part of the SVEKALAPKO array, Fig. 1 ). Fig. 12 shows the traveltime residuals for TOR and SVEKALAPKO (after removing the average traveltime) for the six selected events. The relative residuals range between ±2.0 s and the relative residual pattern is fairly independent of the incoming azimuth. The stations located on the Svecofennian Shield have traveltimes that, in general, are 1 to 3 s smaller than those belonging to stations in northern Germany and Denmark. Within the Svecofennian Shield, the lateral variations are smaller than at the transition observed across the Tornquist Zone. The stations in southern Sweden belonging to the TOR experiment have similar residuals as those from the Finnish permanent network. This observation suggests that the bulk velocity distribution within the Svecofennian Shield is very similar. However, there are some cases (events 5 and 6) in which some Finnish stations report slightly larger residuals (less than half a second) than the Swedish ones.
Teleseismic traveltime residuals have been studied in Finland since the 1970s and station corrections have been applied accordingly for event location ever since. The first documentation and publication was by Noponen (1974) , with most recent studies by Tarvainen et al. (1999) and Tiira (1999) . Noponen (1974) reported changes of slowness with azimuth observed at arrays in Norway, Sweden and Finland. According to these observations, the smallest azimuthal changes of slowness were reported at the Finnish stations. The exact structural transition between Sweden and Finland remains unknown from this study.
Results from P-wave traveltime inversions in the Kapvaal and Zimbabwe cratons (James et al. 2001) indicate relative velocity increases of up to 1 per cent down to 300 km depth. However, these authors also found smaller regions of lower velocities (−1 per cent) and associated them with chemical modifications of the mantle during magmatic emplacement. Bokelmann & Silver (2000) inverted P and S traveltime residuals in the Canadian Shield after applying crustal corrections. The authors suggest that anisotropy (due to olivine crystal preferred orientation) in the subcontinental lithosphere causes a stronger reduction of P-wave velocity than S-wave velocity. Bank et al. (2000) derived a mantle model from inversion of P-wave traveltime residuals for the Slave Craton in northwest Canada. According to these authors, the Slave Craton is underlain by material with high velocities (+0.5 per cent) down to 300 km depth, though some local positive traveltime anomalies can also be recognized. This depth range is very similar to the one studied in this work, but shows smaller velocity variations. In any case, these differences in velocity variation should only be taken as indicative of a tendency and compared with great care due to the aforementioned differences during the inversion schemes.
We can establish a correlation between large crustal features, xenolith-derived upper mantle chemistry and lateral variations of P-wave velocity in the uppermost mantle. The main positive velocity anomaly in the tomographic images of the upper mantle coincides spatially with the anomalous high-velocity lower crust (Korja et al. 1993 ) and the Central Finland Granitoid Complex (Boyd et al. 1985) . It is very unlikely that the geometry and position of the relatively high-velocity keel by pure chance coincides with the position and extent of the high-velocity lower crust and of the granitic intrusions formed during the accretion of the Svecofennian block to Karelia. The surrounding Rapakivi granitoids (Fig. 1 ) mark a distinctively later and different event in the evolution of the Baltic Shield. The ring-shaped Rapakivi intrusions surrounding the Central Finland Granitoid Complex (Fig. 1) might have been the result of the already existing keel deflecting ascending mantle material.
The seismic observations of SVEKALAPKO (Plomerova et al. 2002) indicate anisotropy in the sublithospheric mantle. This fact may be associated with the relatively high viscosity of the keel and Figure 11 . (a, d) Geographical location of cross sections in 11b, 11c and 11e, 11f, respectively. The tectonic suture between the Archean and Proterozoic is also depicted; (b, e) P-velocity model recovered after inverting the observed traveltime delays prior to the crustal correction. Crustal nodes are left floating during the inversion. PR-AR stands for the location of the tectonic suture along the profiles; (c, f) P-velocity model recovered after inverting the observed traveltime delays corrected for the crustal effects. Crustal nodes are fixed during the inversion. PR-AR stands for the location of the tectonic suture along the profile. The black solid line denotes the Moho depth along the profiles. The fading denotes less resolved areas. Yellow arrows mark those anomalies with crustal origin and white arrows mark the lower limit of the cratonic root (see text). Table 1 . Events used to compute relative P residuals between TOR and SVEKALAPKO. Locations and origin times are from the EHB relocated catalogue a tendency to acquire and preserve strains in its mineralogical components. Furthermore, assuming that the keel formation occurred in the early stages of the evolution of the craton and taking into account the drift of Baltica experienced ever since (Elming et al. 1993) , a mechanical detachment zone would exist below 300 km. Small-scale convection (solid state creep) transports heat to the base of the lithosphere (Kukkonen et al. 2003) and could be a reasonable explanation for this phenomenon. However, there are open questions about the composition of the tectosphere that lead to significant lateral variations in seismic velocity and to global and regional variations of V P /V S ratios in cratons. Given that the deep keel is possibly due to formation of the continental crust by depletion of upper mantle by removal of partial melts, the resulting mineralogy should favour olivine, garnet and orthopyroxene, whereas clinopyroxene would be reduced. On the other side, kimberlite-derived xenoliths from the keel area provide important constraints and suggest different explanations for the formation and origin of the root. Peltonen et al. (1999) suggest a stratified lithospheric mantle adjacent to the suture between the Archean and Proterozoic terranes. The mantle in this area would be composed of a shallow, strongly depleted garnet-spinel facies underlain by a more fertile garnet facies mantle. This garnet facies would, according to these authors, represent the geochemical signature of either a subducted Proterozoic oceanic lithosphere subducted beneath the craton margin or a post-orogenic cumulate derived from basaltic melts. More recently, Peltonen et al. (2002) analysed xenoliths from this region at a depth interval of 150-230 km. The chemical and isotopic composition of minerals favour the latter hypothesis of the (Proterozoic?) mantle-derived melts or cumulates rather than subducted oceanic lithosphere.
C O N C L U S I O N S
We have presented a 3-D upper mantle model beneath Fennoscandia characterized by a central positive anomaly that can be traced to a depth of 300 km (Fig. 11 ) beneath the contact of the Archean and Proterozoic realms. Other shallower mantle anomalies could be related to surface geological features and they were successfully removed from the mantle velocity model by crustal corrections.
Neither the results from our study nor from surface wave studies (Bruneton et al. 2002; Funke & Friederich 2002) support the existence of a seismic asthenosphere comparable to the reduction in seismic velocities derived in the southern part of the TOR experiment. The relative P arrivals at TOR and SVEKALAPKO stations show arrivals between 2 and 3 s earlier for stations situated on the Svecofennian Shield than those in the North German basin. Such variations in traveltime are not observed between stations within the Svecofennian Shield of Sweden and Finland, suggesting a similar velocity structure. The addition of a significant number of absolute P traveltimes to define the layerwise average P velocity at depth and the comparison of absolute traveltimes including TOR data allowed us to estimate the difference in absolute velocity over the depth range of 300 km between the shield and across the transEuropean suture zone (TESZ) into mid-age continental European lithosphere. As the aforementioned evidence documents, there is no low-velocity layer beneath the Baltic Shield within the top 300 km of even remotely similar features like the pronounced asthenosphere in the depth range 120 to 300 km beneath Phanerozoic Europe. We correlate the structural features at depth obtained from the tomographic inversion with anomalous crustal elements and geological attributes. All these elements can help to reveal the complex evolution of Baltica and provide a direct link between the geological processes observed at the surface and the geodynamic activity of the upper mantle beneath cratons.
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